We use a one-dimensional model, forced with realistic meteorological measurements, to determine to first order the sensitivity of summer surface water temperature, heat content, and vertical stratification scale to three forcing variables: air temperature, wind speed, and previous winter ice cover, all three of which have exhibited long-term trends over the last few decades. Summer-averaged surface temperature increases with increased air temperature, decreased ice cover, and decreased wind speed. Differences in heat content between model runs with differing initial temperatures (a proxy for winter ice cover) decrease over the course of the season, but significant differences present in late spring persist through the summer season. Interannual variability in wind speed is the predominant driver of variability in the vertical stratification scale.
The thermal interaction between a lake and the atmosphere is complex, since several distinct processes contribute to the heat flux and the resulting change in water temperature. In turn, water temperature is perhaps the dominant environmental variable determining the structure and makeup of a lake's ecosystem (Wetzel 2001) . There is a growing consensus that the ''stationarity assumption'' that once pervaded limnology has given way to a new paradigm (Livingstone 2008) , with an acknowledgement that the climate that determines lake thermal structure is changing. A wide array of recent work has documented long-term trends in lake temperature in both tropical lakes (O'Reilly et al. 2003; Verburg et al. 2003; Vollmer et al. 2005 ) and temperate lakes (McCormick and Fahnenstiel 1999; Coats et al. 2006; Schneider et al. 2009) . Other work has shown that long-term climatic trends may also be responsible for observed trends toward lower ice cover (Palecki and Barry 1986; Magnuson et al. 2000; Assel et al. 2003) . Recent work (Austin and Colman 2007) has shown that winter ice cover appears to play a primary role in determining summer surface water temperatures in Lake Superior, to the extent that most of the interannual variability in summer temperatures appears to be due to variability in previous winter ice cover, rather than in current summer atmospheric conditions. However, their treatment of the problem was largely statistical, consisting of an analysis of historical records, rather than a dynamic approach that established causality.
The flux of heat into (or out of) a lake, and therefore its thermal structure, is predominantly set by incoming shortwave radiation and conditions in the adjacent atmosphere. In equatorial lakes, where the intensity of shortwave radiation and atmospheric conditions both display relatively weak annual signals, lakes stay close to being in thermal equilibrium with the adjacent atmosphere (Verburg et al. 2003; Vollmer et al. 2005) . In this case, the individual heat flux terms may be large, but the net heat flux, and hence the variability in thermal structure, is relatively small. In addition, surface temperature in deep equatorial lakes appears to respond roughly proportionally to changes in regional air temperature, providing a useful measure of long-term climate change in those regions. In contrast, lakes in middle-latitude regions are constantly in a state of adjustment toward thermal equilibrium with the adjacent atmosphere (Edinger et al. 1968) . Annual variability in the heat content is set by shortwave radiation, the magnitude of which is independent of water temperature, and other terms of the heat balance, specifically net longwave radiation, sensible and latent heat fluxes, which we will refer to as equilibrative heat fluxes, since all depend on the surface water temperature and serve at some level to drive surface water temperatures toward an equilibrium with the atmosphere (Edinger et al. 1968; Dingman 1972) . The relative time scales at which the surface waters of a lake can react to the equilibrating heat fluxes and the strength of the annual cycle in shortwave forcing determine how close to equilibrium the lake surface temperatures will be. If the adjustment scale is long, the lake may constantly be adjusting to atmospheric conditions, never truly reaching equilibrium. The ability of a lake to approach this equilibrium can also be a function of lake depth, with shallow lakes approaching equilibrium readily and deeper lakes constantly adjusting toward equilibrium.
Surface air temperatures around the globe have increased significantly over the last several decades, in part due to anthropogenic forcing (Hansen et al. 2006 ). This increase is thought to be stronger in midcontinent regions as well as middle-to high-latitude regions of the globe. Increases in air temperature in the Lake Superior region have been on the order of 1.2 K over the last 25 yr (Austin and Colman 2007) . Since several of the mechanisms responsible for heat transfer between the atmosphere and a lake are strongly dependent on air temperature (primarily downward longwave radiation and sensible heat flux, and indirectly, latent heat flux), it is well documented that changing air temperatures are going to play a significant role in determining lake thermal structure (Robertson and Ragotzkie 1990; Hondzo and Stefan 1993; Stefan et al. 1998) . The exact form of the relationship is nontrivial; a 1 K increase in air temperature does not result in a 1 K increase in the equilibrium lake surface temperature (Robertson and Ragotzkie 1990; Peeters et al. 2002) . Air temperatures are also primarily responsible for setting ice cover as well as ice-on and ice-off dates (Palecki and Barry 1986; Leppä ranta 1993; Livingstone and Adrian 2009) , at least in smaller lakes. The increase in winter air temperatures has resulted in a corresponding reduction in ice cover on Lake Superior . The primary result of Austin and Colman (2007) is that decreased ice cover in the winter allows greater late-winter and early-spring surface heat fluxes, because of the change in albedo, and results in an earlier onset of the stratified season.
In addition to variability in changes in summer air temperature and winter ice cover, wind speeds, as measured at open-lake meteorological buoys, have been increasing across the Laurentian Great Lakes (Austin and Colman 2007) . They hypothesize that this may be due to destabilization of the meteorological boundary layer rather than to a shift in weather patterns, as observed elsewhere in the Great Lakes (Waples and Klump 2002) . Recent work (Desai et al. 2009 ) verifies this, showing a direct relationship between air-water temperature differences and wind speeds during the summer, which have increased from an average of roughly 4.5 m s 21 to 5 m s 21 over the period . Consistent with this hypothesis, the increase in wind speed does not appear to be occurring over the regional terrestrial environment (Klink 2002) and, while present, is not as significant at coastal stations around the lake. The increase in wind speed has a variety of potential effects on lake-atmosphere heat exchange. As the magnitude of sensible and latent heat fluxes both are direct functions of wind speed, increased wind speeds should increase the rate at which the lake approaches its equilibrium surface temperature. However, higher wind speeds will also cause increased surface mixed-layer deepening, thereby slowing the response of the surface layers to atmospheric forcing. Which of these effects dominates changes in surface temperature is not obvious and is difficult if not impossible to determine without turning to numerical modeling.
The goal of this paper is to determine whether the linkages proposed by Austin and Colman (2007) are supported by simplified, one-dimensional numerical modeling simulations of various meteorological scenarios. Specifically, we consider the effect of changes in surface air temperature, changes in wind speed, and changes in ice cover on summer surface temperature, water column heat content, and the depth of the stratification. We use the initial temperature of the water column as a proxy for winter ice cover, an approximation that we will justify using historical ice and temperature records. To force the model we use meteorological observations collected by a surface buoy deployed in western Lake Superior in summer 2007. The buoy also had 15 thermistors deployed below it, so that we have observations of thermal structure against which to compare model results. The use of a one-dimensional model presupposes that lateral variability is not important, which will certainly not be the case in coastal regions, where processes such as Ekman-driven upwelling and downwelling can have a significant effect on the local thermal structure. Further, measurements collected in a coastal region are not necessarily representative of the whole lake. Unfortunately, the coastal location where these data were collected was the only place where the full suite of data necessary for this study was available. However, our goal here is not a realistic simulation of Lake Superior thermal structure during the summer of 2007, rather, it is to test the sensitivity of the thermal structure to changes in some of the forcing factors. The meteorological measurements will be perturbed as appropriate to determine the differential response of the water column. We then compare these sensitivity results to observations to see how consistent the long-term observations are with modeling results. While the forcing used here was collected on Lake Superior, the results should be generalizable to any lake in which the surface stratification structure is significantly shallower than the lake depth.
Methods
Buoy observations-A meteorological buoy was deployed and anchored at 47u38.8 N, 90u30.42 W in approximately 160 m of water between 06 June 2007 and 18 September 2007 just south of Grand Marais, Minnesota, roughly 6 km off of Lake Superior's North Shore. The meteorological suite consisted of sensors to measure air temperature and relative humidity (Campbell Scientific HMP45C), wind speed and direction (Gill WindSonic), and downward shortwave (0.3-3 mm, Campbell CMP-3) and longwave (3-30 mm, Eppley precision infrared radiometer) radiation. All of these sensors were located 3 m above lake level. All of these sensors were polled every 5 s, and averages were recorded every 10 min. The data were collected onboard the buoy using a Campbell CR1000 datalogger and downloaded upon recovery.
Surface heat flux was estimated as the sum of net shortwave radiation, net longwave radiation, sensible heat flux, and latent heat flux. An albedo (Ab) of 0.07 was applied to the measured shortwave radiation to determine the net shortwave radiation (Payne 1972) so that the net shortwave radiation Q SW_NET is Q SW_NET 5 Q SW (1 2 Ab), where Q SW is the measured downward shortwave radiation. The buoy directly measured downward longwave radiation, and upward longwave radiation Q LW_UP was determined as Q LW UP~{ esT 4 S , where e 5 0.98 is the emissivity of the lake surface (Dickey et al. 1994) , s 5 5.67 3 10 28 W m 22 K 24 is the Stefan-Boltzmann constant, and T S is the near-surface water temperature in Kelvin. The sensible and latent heat fluxes were determined using the Tropical Ocean Global Atmosphere Coupled Ocean Atmosphere Response Experiment (TOGA-COARE) bulk flux algorithms (Fairall et al. 1996) , so that the sensible heat flux Q SEN is determined using
where r A is the density of air, C p the specific heat of water, C H a stability-dependent transfer coefficient, T A the air temperature, and u A the wind speed (the speed of the water is typically negligible compared to the wind speed and was neglected). The latent heat flux Q LAT is determined using
where L is the latent heat of water, C E is a stabilitydependent transfer coefficient, q z is the specific humidity measured at a specified height above the surface (3 m in this case), and q 0 is the specific humidity at the water surface, assuming that the air is the same temperature as the water and is 100% saturated. Surface water temperatures were estimated using the shallowest thermistor, at about 0.7 mdepth, which can result in minor underestimates of the true surface temperature during periods of strong surface stratification, and hence slightly overestimate the heat flux into the lake. In the water, 13 Richard Brancker Research TR-1000 thermistors were deployed on the cable between 0.7 and 80 m depth (0.7, 4, 5, 8, 10, 12, 15, 20, 25, 30, 40, 60, and 80 m) to observe the developing thermal structure. Postdeployment calibration of these sensors resulted in accuracy on the order of 2 mK over the range of observed temperatures. Two Seabird Electronics SBE-39P temperature-pressure sensors were deployed at 50 and 100 m to verify the mooring depth and to determine whether the depths of the sensors changed significantly over the course of the deployment due to mooring motion. The pressure records from these (not shown) showed that the thermistors kept to a constant depth even in heavy wind events. (Specifically, at 100 m, the sensor was within 1.5 m of the design depth for 99% of the deployment; during heavy winds, it could be up to 3 m shallower. The 50-m pressure sensor showed proportionally less variability.)
Modeling-We used the Regional Ocean Modeling System (ROMS) run in one-dimensional mode (by setting both the north-south and east-west boundary conditions to periodic). There were 60 vertical levels, spaced unevenly throughout the water column, with vertical resolution ranging from approximately 0.8 m near the surface to 7 m near the bottom. The model was initialized with a uniform temperature from the surface to the bottom. The value of this initial temperature varied depending on the simulation. We added an equation of state developed explicitly for freshwater systems (Chen and Millero 1986) to ROMS, since we found that the standard equation of state was not appropriate for faithfully reproducing behavior in the vicinity of the temperature of maximum density. The model uses the Mellor-Yamada level 2.5 turbulence closure.
The model was forced using atmospheric meteorological data collected from the buoy and uses the TOGA-COARE bulk parameterizations for latent and sensible fluxes as well as momentum flux (Fairall et al. 1996) . Downward shortwave and longwave radiation is input to the model as observed. Shortwave radiation was attenuated within the water column using absorption parameters associated with Jerlov Type I water (Paulson and Simpson 1977) .
Surface water temperature is a vital component of determining surface heat fluxes; however, we treat surface water temperature as an independent variable to be determined by the model, rather than specifying the observed surface temperature, so that the heat fluxes imposed in the model do not necessarily agree with those observed. Specifically, any error in determining the surface water temperature will be reflected in the surface heat flux.
Metrics-We use three metrics to characterize and compare the modeled and observed thermal structure: the surface temperature, the heat content of the water column, and a vertical stratification scale, defined below. For surface temperature, we use the data from the 0.7-m thermistor and the top model bin.
If the temperature distribution in a lake is assumed to be laterally uniform, the heat content of the lake per unit area (relative to 0uC) can be estimated from discrete sensors as
where H LAKE is the heat content in J m 22 , A SFC is the surface area of the lake, r is the water density (taken to be 1000 kg m 23 ), c p is the specific heat of water (taken to be 4180 J kg 21 K 21 ), T i is the individual temperature record in uC, Dz i represents the portion of the water column (in meters) of which each thermistor (or model level) is judged to be representative, determined using midpoints between the thermistors, and DA i is the area of the lake at or deeper than the depth of the level. In the case of Lake Superior, there is very little difference (other than a constant offset) between this metric and a measure of the local heat content,
which does not take into account the morphometry of the lake. This is due to two facts: before the onset of stratification, the temperature at the mooring site was uniform vertically, and therefore morphometry plays no role. After the onset of stratification, most of the variability occurs in the top 30 m of the water column (Fig. 1A) , and roughly 92% of Lake Superior (by area) is deeper than 30 m ( Fig. 1B; S. Colman pers. comm.). In this case, waters shallower than 30 m are responsible for almost all of the variability in the heat content, and the morphometry of the lake is largely irrelevant to the estimation of heat content variability. Calculations of both the local and whole-lake heat content per unit area (not shown) revealed no significant differences other than a constant offset. Since the focus here is on variability in heat content, this is not important. The lowest thermistor, at 100 m, was assumed to be representative of conditions at the bottom, 160 m. This is justified by the fact that a conductivity-temperature-depth cast taken on 06 June immediately after the buoy deployment showed the water column to be isothermal; as the water column warmed (prior to the summer overturn) the bottom temperatures would necessarily need to be equal to those in the rest of the water column in order that the water column remain neutrally stable. After the summer overturn, the temperature at 100 m varied between 3.85uC and 4.00uC; in order that the water column is stable, the temperature at the bottom must be in this range as well, so that we incur errors on the order of 0.1 K at worst.
Since surface mixed layers are often poorly defined, and the depth of maximum stratification is difficult to determine from discrete data, we propose a local vertical stratification scale z s as
where T B is the bottom temperature. This is defined so that this depth is the thickness of a layer of water all at surface temperature that would have the same heat content as the water column ( Fig. 2) and is meant only as a generic and objective measure of the vertical extent of stratification. This metric is not well defined during the period of neutral stability preceding the onset of positive stratification. As with the estimate of heat content, taking lake morphometry into account makes little qualitative difference to the result because most of the temperature variability is confined to the top 30 m of the water column (Fig. 1A) . However, in the case of a relatively shallow lake, where vertical stratification scales are on the order of the lake depth, lake morphometry would need to be considered, and the vertical stratification scale would be
In the case of the data used in this paper, the difference between using this formulation and the simpler local formulation results in very minor differences (a root mean square error [RMSE] difference of 0.6 m) in the estimation of the vertical stratification scale.
Results
Buoy observations-When the buoy was deployed on 06 June 2007, the temperature throughout the water column was 2.75uC (Fig. 3A,C) . From the time of deployment until approximately 07 July, the water column temperature was below 4uC and cooler than the air temperature (Fig. 4A) , though it appears that the air temperature at this location is strongly influenced by the lake temperature. From the beginning of the deployment, the surface heat flux was positive (i.e., into the lake). This resulted in unstable stratification during the daytime, when solar radiation (Fig. 4C) was incident, and continuous convective overturn countered the density instability. Surface waters often reached 0.1 K warmer than deeper waters; the water column equilibrated within a few hours of sundown as it convectively adjusted. At this stage the surface to bottom temperature difference was typically less than 0.01 K. On 07 July the water column reached 4uC, stratified for a few days, and then much of that stratification was mixed away a few days later during a strong wind event (Fig. 4B) , redistributing the thermal energy over much of the water column. After restratification on 12 July, the water column remained stratified for the rest of the season. Surface stratification was confined to the top 10 m until midAugust, when a wind event mixed the surface layer to roughly 20 m (Fig. 3C) . During the second half of July, the surface waters heated to nearly 20uC before cooling to less than 10uC during a strong upwelling-favorable wind event. Soon thereafter the surface relaxed back to between 12uC and 15uC for the next month, accompanied by gradual deepening of the surface layer and an increase in integrated heat content. In September, cooler air resulted in decreases in surface temperature, and stronger winds further deepened the surface layer. The shortwave term is by far the most significant net source of heat to the lake, and the total heat flux (Fig. 5A) shows that significant losses of heat occurred only after about 10 September.
A comparison of the observed heat content and the integrated surface heat flux (Fig. 5B) suggests that the system behaves roughly one-dimensionally (i.e., the advective terms of the heat equation are negligible relative to the change in heat content) up until the onset of stratification. Once stratification sets up, lateral gradients in temperature coupled with currents cause significant differences between the time-integrated surface heat flux and the observed heat content. This is especially clear during the early-August upwelling event and subsequent relaxation of the water column in mid-August during a downwelling-favorable wind event that brought the surface layer back onshore. Since cross-shelf Ekman transport is a function of alongshore surface wind stress, cumulative wind stress, i.e., where t y is the local alongshore wind stress and can be regarded as a rough measure of cross-shelf thermocline displacement (Austin and Barth 2002) , and the cumulative wind stress (Fig. 5C ) is in at least qualitative agreement with the discrepancy between heat content and surface heat flux, with periods of upwelling-favorable winds corresponding to decreases in the heat content of the water column relative to the surface heat flux and periods of downwelling-favorable winds bringing the system back into balance.
Numerical model validation-The numerical model, forced with the collected meteorological observations and initial temperature condition, yields a thermal development (Fig. 3A,C ) similar to the observations (Fig. 3B,D) . The primary distinction between the field and model data is the lack of upwelling-related lateral advection in the model. Since there are no lateral gradients in the model, the heat balance is one-dimensional, and the model heat content is equal to the integrated surface heat flux. The surface heat fluxes in the model and in the field data agree closely, the small differences being due to the fact that the model uses the model surface temperature (rather than the observed value) in its calculation of surface heat flux. This results in a somewhat higher heat flux into the water in the case of the model, since the airwater temperature difference is larger. The largest difference in surface water temperatures occurs in early August, when a strong upwelling-favorable wind brings cool water to the surface in the observations (Fig. 6B) .
After the onset of positive stratification, the vertical stratification scale of the observations and model simulation are in reasonable agreement (Fig. 6C) , though there is a lot of variability in the observations due to lateral processes such as upwelling that are not reflected in the model results. Specifically, during upwelling events, z s for the observations becomes large as the water column is homogenized. The variable z s increases from roughly 10 m after the onset of stratification to 25 m toward the end of the deployment.
A plot of the RMSE (Fig. 6D) as a function of depth reveals a RMSE of up to 2 K near the surface, which is largely a result of the upwelling dynamics present in the observations but not in the model results. A second peak at about 20 m occurs because the model slightly underestimates the depth of the thermocline late in the season.
In general, it appears that the model simulation faithfully recreates the thermal development of the lake at the location of the buoy up until the onset of significant vertical stratification, given the observed surface forcing. Subsequent to the onset of stratification, the measured heat content fluctuates around the integrated surface flux. These fluctuations are consistent with the fact that alongshore winds drive upwelling and downwelling cross-shelf circulation.
Sensitivity analysis-We now address the issue of the sensitivity of the development of thermal structure to changes in the meteorological forcing, as well as the initial state of the water column. We proceed by running the model with perturbations applied individually to the air temperature, the wind speed, and the initial temperature of the water column at the beginning of the model run. We use initial temperature as a proxy for averaged winter ice cover. The surface temperature on 06 June (the date of the buoy deployment) from 1980 to 2005 from the three National Oceanic and Atmospheric Administration (NOAA) National Data Buoy Center (NDBC) buoys on Lake Superior (available at www.ndbc.noaa.gov/maps/WestGL.shtml) is a strong function of the temporally and spatially averaged ice cover (Assel 2003 (Assel , 2005 ) from the previous winter (Fig. 7) , justifying this proxy. The ranges of these perturbations have been chosen to span the observed range of interannual variability of these variables. We do not address the potential for there to be nonlinear interactions among these forcing factors, and we will change only one variable at a time. We will use the metrics described earlier to examine the sensitivity of the lake to these perturbations. We present the results in two fashions: the raw values of T S , H, and z s for all three perturbation experiments (Fig. 8) and deviations from the base case of those values (Fig. 9) .
In order to address the issue of sensitivity to air temperature, we performed four additional model runs, in which the air temperature imposed on the model was perturbed uniformly over the duration of the model run, by 22, 21, +1, and +2 K. In addition, the imposed downward longwave signal was scaled by
where Q LW DOWN is the observed downward longwave radiation, DT A is the perturbation for a given run and T A is in Kelvin. This accounts for the fact that downward longwave radiation is in part a function of air temperature. Note that we make no adjustment to relative humidity, so that the effective specific humidity does change. The surface water temperatures for these runs (plus the base case) show significant divergence after the onset of stratification (Figs. 8A, 9A) . Unsurprisingly, higher air temperatures result in higher surface water temperatures; however, the relationship appears to be complicated, with the temperature difference varying considerably with time, and at the end of the simulation resulting in a surface water temperature difference of about 0.8 K for every 1 K in air temperature difference. This result is similar to that of Peeters et al. (2002) , who estimated a change of +1.9 K in T S in response to a +4 K change in T A , and that of Robertson and Ragotzkie (1990) , who reported changes in T S on the order or 0.5 to 1 K for an increase of 1 K in T A . Before the onset of stratification, the differences between the runs is small; since the air-water temperature difference is large during this season, small changes in the air temperature do not significantly change the magnitude of the equilibrative heat fluxes, and hence do not significantly effect the overturn date. During this period, the shortwave flux dominates the total heat flux.
The vertical stratification scale (Figs. 8G, 9G ) decreases as the air temperature increases; the greater density difference between the surface layer and deeper water enhances stability and reduces mixing. The total heat content (Figs. 8D, 9D ) increases with increasing air temperature, though the final difference in heat content is small compared with the overall change in heat content over the course of the run. On average, an increase in air temperature of 1.0 K results in an increase in time-averaged total surface heat flux of around 3.6 W m 22 .
Changes in wind speed were accomplished by scaling the observed wind speed by 80%, 90%, 110%, and 120% of the observed value (wind direction remained unchanged). Higher wind speeds led to lower surface water temperatures (Figs. 8B, 9B ) after the onset of stratification. As with air temperature, changing wind speed does not substantially change the total surface heat flux before the onset of stratification, even though both sensible and latent heat flux are strong functions of wind speed. Latent and sensible heat fluxes are roughly proportional to wind speed; therefore, increasing wind speed by 20% should increase these fluxes by a factor of roughly 20%. This is indeed the case for the model, but the latent and sensible heat fluxes are sufficiently small in comparison with the shortwave flux that the total heat flux is not changed substantially. Hence the overturn date is not a strong function of wind speed.
After positive stratification sets in, the surface temperatures diverge significantly, with differences on the order of 0.1 K % 21 observed. The temperature perturbation does not grow monotonically; it reaches a maximum soon after the onset of stratification and decreases substantially toward the end of the run. The vertical stratification scale is substantially affected by the wind speed (Figs. 8H, 9H) , with the final vertical stratification scale varying from 21 m (for the 80% experiment) to 33 m (for the 120% experiment), a difference of 50%. The heat content of the water column (Figs. 8E, 9E ) increases substantially as the wind speed increases. This is due in part to the fact that both latent and sensible heat flux are directly proportional to wind speed, but also to the fact that the increased wind speed deepens, and hence cools, the surface layer, leading to a larger air-water temperature difference (in the absence of variability in relative humidity, this results in a larger specific humidity gradient). So although higher wind speeds result in greater heat content, they also produce lower surface temperatures, as a result of the substantially increased vertical stratification scale (Figs. 8H, 9H) . Specifically, the 120% wind case had an increase in heat content about 8% higher than that of the base case. Therefore, the mixing influence of the increased wind speed dominates the effect of increased sensible and latent heat fluxes.
As a proxy for variability in ice cover, the initial modeled temperature of the water column T 0 was perturbed by 21, 20.5, +0.5, and +1 K, uniformly throughout the water column. The base-case initial temperature of 2.75uC on 06 June was chosen to be consistent with the observations. The range is consistent with the approximate interannual variability of temperatures observed at the open-lake NOAA-NDBC buoys for early June. In these experiments, the applied meteorological forcing was identical, so to first order we expect the resulting thermal structures to become more similar over time, as opposed to more dissimilar over time, as in the last two cases. The date of overturn is a strong function of the initial temperature (Figs. 8C, 9C) ; again, since the shortwave term dominates the equilibrative heat fluxes prior to overturn, the small differences in surface temperature between the different runs before overturn are largely irrelevant to the heating rate. This significant difference in overturn dates leads to large initial differences in surface temperature between the base case and the perturbation runs (Figs. 8C, 9C ). However, once the water column is stratified, the surface temperature perturbations stabilize. Remarkably, the surface temperatures do not appear to converge during the run; in fact, in the case where the initial temperature is perturbed by 21.0 K, the final temperature is actually more than 1.0 K colder than the base-case surface temperature. The heat content of the water column does appear to converge (Figs. 8F, 9F) , with about 50% of the initial difference being lost over the course of the run. This in itself is remarkable, suggesting that the heat content at the end of a given winter can have a significant effect on the lake heat content going into the following fall and winter season, at least for deep lakes.
Discussion
One interesting aspect of the sensitivity of surface temperature to changes in air temperature is that a +1.0 K change in air temperature results in a +0.8 K change in surface water temperature. The surface of the lake is always being forced toward a thermal equilibrium with the air above the lake-this equilibrium is reached if the net surface heat flux is zero. To determine the dependence of the equilibrium water temperature on air temperature, we calculated the heat fluxes for a range of air and water temperatures, fixing other meteorological variables to representative values, and determined the water temperature for which the net heat flux would be 0 W m 22 . This approach, similar to that of Edinger et al. (1968) or Dingman (1972) , yields information about the air-water temperature difference for which the system is in equilibrium. For a constant wind speed of 5.0 m s 21 , shortwave flux of 300 W m 22 , and relative humidity of 80%, the equilibrium water temperature increased 0.82 K for every 1.0 K increase in air temperature, consistent with the onedimensional modeling results. This sensitivity does not vary substantially over a realistic range of the shortwave radiation or wind speed and is typically in the range 0.78-0.88. This ratio is not 1 because of nonlinearities in the equilibrative terms of the heat transfer equations, and this suggests that, in the absence of other variability, changes in lake surface temperatures are actually somewhat less than that observed in the atmosphere.
The observed effect of ice cover on summer temperatures can be gauged. Austin and Colman (2007) show that highice years in Lake Superior tend to correspond to low summer temperature years. They showed that average summer (July-September) surface water temperature decreased roughly 0.1 K for every 1% increase in winteraveraged ice cover (their fig. 4D-F ). In the model simulations, summer-averaged surface temperature increases roughly 2.6 K for every 1 K increase in the initial temperature (this large increase in mean summer water temperature is caused mainly by the changing of the timing of the onset of summer stratification). Combining this with the data from Fig. 7 , which show the relationship between ice cover and initial temperature, with a slope of roughly 20.03 K % 21 , suggests that the dependence of summer water temperature on ice cover percentage is on the order of
where f ICE is the seasonally averaged ice coverage, roughly consistent with the observational data. Certainly these relationships are not linear, but to first order and within the range of natural variability, this appears to be a reasonable simplification. This verifies the causal relationship between winter ice cover and summer water temperatures. The dependence of the overturn date on the initial temperature can be estimated. The sensitivity of the amount of time it should take to heat the water column up to overturn temperature is given by
where t over is the overturn date, h is the local depth (we ignore small changes in the temperature of maximum density as a function of depth) and the average surface heat flux prior to reaching 4uC. Given values representative of this analysis, we find We can combine this result with the dependence of initial temperature on ice cover to determine the sensitivity of the onset of summer stratification on the previous winter's ice cover:
Austin and Colman (2007) show a dependence of roughly 0.7 d % 21 of the date of the onset of stratification on ice cover, consistent with this result. This calculation is complicated by the fact that the dependence of the overturn date on the initial temperature depends on the local water depth, which differs between the buoy (160 m) and the NOAA NDBC sites (from 190 m to 260 m), but the intent here is simply to show that the Finally, the relative contributions of changes in air temperature, ice cover, and wind speed can be gauged in the observational data using the dependences developed here. While there is significant interannual variability in all of these variables, all have been shown to have had statistically significant trends since 1980. To determine, roughly, the effect that each of these has had on summer water temperature over a period of 25 years, we combine the observed trends in these variables with the sensitivities estimated here:
Lt Dt &(0:8)(6|10 {2 K yr {1 )(25 yr)~1:2 K ð13Þ This suggests, remarkably, that the effect of all three variables is of the same order of magnitude, with observed trends in air temperature and ice cover leading to higher summer water temperatures and increased wind speeds leading to a reduction in summer surface water temperatures. However, this presupposes that the three forcing variables are linearly independent of each other, which they almost certainly are not. Observations suggest that higher wind speeds may themselves be caused by increased water temperatures (Desai et al. 2009 ), which in turn appear to be caused by reduced ice cover. The interaction between the atmospheric boundary layer and the surface layers of the lake are clearly complex, and one-way modeling (i.e., fixed atmospheric forcing of lake thermal structure) is not sufficient for fully understanding all aspects of this interaction. The observed increase in wind speed has almost certainly led to an increase in surface mixed-layer depth, though no observations currently exist that could be used to reliably verify this.
One other notable result of this work is that significant information regarding the late-winter state of the lake is reflected at the end of the summer (Fig. 9F) . A separate set of model runs (not shown) were made with identical surface forcing, but with a water column only 20 m deep, characteristic of Lake Erie. In this case, the overturn occurs much more quickly, and the sensitivity of the overturn date is proportionally less, as Eq. 10 would suggest. Further, the heat contents of the model runs converged much more significantly over the course of the season, with roughly 90% of the initial difference on heat content being lost over the course of the season, and surface temperatures converging on the base case. This suggests that summer conditions in shallow lakes are not as dependent on winter conditions as are deep lakes. This is consistent with field data that showed that Lake Erie does not appear to be responding as sensitively to long-term climate warming as the deeper Great Lakes (Austin and Colman 2007) . Future modeling work will help to constrain how information is passed from season to season and the dependence of this on lake morphology.
